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1 Fundamentals of Stable Isotope
Geochemistry

We first introduce the basics of stable isotope geochem-
istry and provide readers with the necessary background
information in the following sections. For more informa-
tion on stable isotope geochemistry principles and mech-
anisms, readers are encouraged to examine the reference
books (see Further Reading).

1.1 Basic Concepts

The term isotope, derived from Greek, means occupying
the same position in the periodic table. Isotopes are
variant forms of a particular chemical element that have
the same number of protons (atomic number) but differ
in the number of neutrons in the atomic mass. Isotopes
come in two basic types: radioactive (unstable) and
stable. Radioactive isotopes are nuclides that are unsta-
ble and spontaneously decay into other new isotopes,
whereas stable isotopes are nuclides that do not appear
to decay radioactively.

Hydrogen and oxygen have a number of isotopes,
including radioactive and stable isotopes. The two stable
isotopes of hydrogen, 1H and 2H (also called deuterium
and denoted as D), have natural abundances of 99.9885%
and 0.0115% in hydrosphere, respectively. The third
isotope of hydrogen, 3H (tritium), is unstable with a
half-life of 12.23 years. The stable isotopes of oxygen,
including 16O, 17O, and 18O, have natural abundances of
99.762%, 0.0379%, and 0.200% in hydrosphere, respec-
tively. Other isotopes of oxygen are radioactive and very
short-lived.

In isotope geochemistry, it is a convention to use the
atomic abundance ratio of the rare isotope to the major
isotope (e.g. 18O/16O, 2H/1H) relative to a standard of
known isotopic composition to describe the isotopic
composition of samples as:

𝛿 (in ‰) =
(

Rx
Rs

− 1
)
× 1000

where Rx and Rs are the isotopic ratios of the sample
and standard, respectively. A positive (negative) 𝛿 value
means that the measured sample is more (less) enriched
in heavy isotope, or heavier (lighter), than the standard.
A higher (lower) 𝛿 value means that it is more (less)
enriched in heavy isotope, or heavier (lighter), than that
with lower (higher) 𝛿 value. The standard for hydrogen
and oxygen isotope measurements of water is the Vienna
Standard Mean Ocean Water (VSMOW) from the
International Atomic Energy Agency (IAEA), whereas
the standard for oxygen isotope measurements of car-
bonates, such as deep-sea foraminifera, is the Vienna
Pee Dee Belemnite (VPDB). The use of international
reference standard reduces interlaboratory uncertainties
in measuring the absolute ratios of same material on
different mass spectrometers. The analytical techniques
of mass spectrometry are beyond scope of this article
(see Further Reading).

1.2 Isotopic Fractionation

Differences in the atomic mass of isotopes result in slight
differences in their physical and chemical properties as
isotope effects. This effect is strong for isotopes in low
atomic numbers that typically have large relative dif-
ferences in atomic mass, including 18O/16O and 2H/1H.
During physical, chemical, and biological processes or
reactions, the relative abundances of different isotopes
of the same element change through two phases or two
substances. The term isotopic fractionation is used to
denote the changes in isotopic ratios due to isotope
effects. Consequently, different phases or substances
attain unique isotopic compositions that are character-
istic or indicative to trace their sources and formation
environments. Commonly, the magnitude of isotopic
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fractionation is expressed by fractionation factor (a)
between phases (or substances) A and B:

𝛼A−B (in ‰) = RA
RB

= 1000 + 𝛿A
1000 + 𝛿B

Two kinds of isotope effects, equilibrium and kinetic,
can explain most of the isotopic fractionations during
various processes on Earth.

1.2.1 Equilibrium Fractionation
Equilibrium isotope effects are the results of atomic
effects on bond energy in different phases or substances
and are predicted by thermodynamic physics. In terms of
qualitative interpretations, heavier molecules have lower
zero-point vibrational energy and stronger chemical
bonds. Therefore, for a phase change process or isotope
exchange reaction, the heavier isotopes preferentially
accumulate in the phase or substance with the stiffer
bonds or in the higher energy states. For example, as
water vapor condenses in clouds, the heavier water iso-
topes (18O and 2H) become more enriched in the liquid
phase because liquid water is denser, whereas the lighter
isotopes (16O and 1H) are preferentially remained in
the vapor phase. Under such equilibrium fractionation
process, the 𝛿18Oliquid or 𝛿2Hliquid values are higher than
the 𝛿18Ovapor or 𝛿2Hvapor values, and the fractionation
factor 𝛼liquid–vapor is larger than 1. Equilibrium fraction-
ation factors are found to be temperature-dependent. It
approaches 1 as temperature increases, implying more
homogenous isotopic composition between different
phases or substances.

The major characteristics of isotopic equilibrium are
that the processes or reactions are reversible and that
the forward and backward reaction rates are identical.
However, this does not mean identical isotopic ratios
between two phases or substances. Instead, because of
exchange of isotopes, their isotopic ratios are constant
over time and in equilibrium condition.

1.2.2 Kinetic Fractionation
Kinetic fractionation arises from fast, incomplete, or
irreversible unidirectional processes or reactions. Unlike
isotopic equilibrium, the forward and backward reaction
rates are not identical. For example, diffusion is one of
the kinetic processes. Here, the kinetic energy (E) of
ideal gas molecules at a constant temperature is:

E = 1
2
× mv2

Hence, the differences in atomic mass (m) of a molecule
must be compensated for by its velocity (v), that is the
heavier molecules have lower velocities and diffuse more
slowly during kinetic reactions. For chemical dissocia-
tion reactions, heavier molecules have lower zero-point
vibrational energy, thus more energy must be taken for

dissociation reactions. As a result, kinetic processes tend
to make products more depleted in heavy isotopes, or
lighter. Such kinetic fractionations are common in bio-
logically mediated reactions, and usually involve isotopic
changes in large magnitude.

Evaporation of ocean water is another important
kinetic process. Equilibrium fractionation has predicted
relatively lower 𝛿18O or 𝛿2H values in the vapor phase
than the liquid phase. However, the observed isotopic
ratio values of marine water vapor are lower than the
predicted values. This is due to that evaporation is mostly
a unidirectional process as the marine air is unsaturated
above oceans and they do not attain isotopic equilibrium.
Consequently, the kinetic fractionation further depletes
heavy isotopes in the vapor phase and reduces its 𝛿

values.

2 Water Isotopes in the Hydrological
Cycle

Stable isotopes in water are useful tracers to under-
stand hydrological processes linked to environmental
and climatic conditions. A large number and various
types of water samples on Earth have been collected for
isotopic measurements, including ocean water, meteoric
water, surface water, and groundwater. Particularly,
the IAEA/World Meteorological Organization (WMO)
Global Network of Isotopes in Precipitation (GNIP)
program monitored the temporal and spatial variations
of isotopic composition in precipitation at global scale
for several decades. This observation database helps
to understand how water isotopes trace hydrological
processes that can be used as a proxy for environmental
and climatic parameters. We review the general model
of water isotopic distributions and variations in the
global hydrological cycle with an emphasis on meteoric
water as the basis for understanding its applications in
paleohydrology and paleoclimatology.

2.1 Ocean Water

The ocean is the largest water reservoir and water fluxes
of evaporation and precipitation over the ocean account
for over 90% of the global total water fluxes [1]. In other
words, water fluxes over ocean work as the engine of
global hydrological cycle. Figure 1a shows the global
map of spatial variations of 𝛿18O values in surface ocean
water. The lowest 𝛿18O values are found in the Arctic
and North Pacific Oceans, whereas the highest 𝛿18O
values are found in the Mediterranean Sea, the Red Sea,
and other evaporative subtropical oceans. This pattern
is similar to surface ocean salinity variations, reflecting
evaporative enrichments in 18O in subtropical oceans,
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Figure 1 Global map of spatial variations of annual mean 𝛿18O
in (a) surface ocean water [2] and (b) precipitation [3]. Both
products are interpolated from observation data.
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and inputs of 18O-depleted meltwater in high-latitude
oceans. The deep ocean water has much more homo-
geneous 𝛿18O values. The water vapor over ocean,
derived from marine evaporation, is depleted in 18O
or 2H (having lower 𝛿 values) relative to ocean water.
A small fraction of evaporated water vapor is advected
to continents and converted to meteoric water after
condensation and precipitation.

2.2 Meteoric Water

On continents, meteoric water (precipitation) is the ulti-
mate source of water in virtually all terrestrial systems,
including lakes, rivers, glaciers, and groundwater. There
are large temporal and spatial variations in isotopic
composition of precipitation (Figure 1b), which can be
satisfyingly explained by condensation processes of air
masses approximated by Rayleigh equations.

2.2.1 Rayleigh Distillation
Rayleigh distillation is an important model to account for
the changes in isotopic ratios of water vapor and precipi-
tation during condensation processes of air masses. This
model assumes partially open equilibrium system for air
masses. These equations are:

R = Ri × F𝛼−1

𝛿v = (𝛿v,i + 1000) × F𝛼−1 − 1000
𝛿l = (𝛿v + 1000) × 𝛼 − 1000

where R is the isotopic ratio of water vapor and Ri is
its initial value. F is the fraction of remaining vapor
during continuous condensation, decreasing from 1. 𝛿v
is the isotopic composition of water vapor and 𝛿v,i is
its initial value. 𝛿l is the isotopic composition of liquid
(precipitation), and 𝛼 is the equilibrium fractionation
factor between liquid and vapor. The changes in 𝛿v and
𝛿l against F are shown in Figure 2. In this model, the
raindrops condensed from the clouds are more enriched
in heavy isotope (18O and 2H), making the remaining
vapor lighter in isotopic composition, but the falling
raindrops would not interact with the vapor after form-
ing precipitation from the cloud system. Therefore,
the 𝛿 values of vapor become more and more negative
during continuous condensation, and the 𝛿 values of
precipitation also become more negative to track the
changes in that of vapor. Furthermore, the equilibrium
fractionation factor 𝛼 is not a constant and tends to
increase due to decrease in temperature during the air
mass history (Figure 2).

Overall, for a specific air mass, Rayleigh model pre-
dicts that the isotopic composition of precipitation is
mainly controlled by the extent of rainout and fraction-
ation factor, both of which are related to condensation
temperature (see Section 2.2.2). However, it is just a
simple approximation for an ideal condensing air mass
but does not consider other processes such as mois-
ture recycling from evapotranspiration and mixing
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Figure 2 Changes in 𝛿18O of water vapor and
precipitation during continuous condensation of an air
mass according to the Rayleigh distillation model,
starting with 𝛿18O=−11‰ and temperature= 25 ∘C
(Source: Redrawn from [4]). Dashed lines link 𝛿18O of
precipitation with temperature of condensation. For
example, when an air mass moves to higher latitude or
higher altitude, both the isotopic composition of water
vapor and precipitation decrease during the proceeding
of condensation. In addition, the amplitude of
fractionation increases as well because of decreasing
temperature. Note that below 0 ∘C, fractionation
between snow and water vapor takes place with higher
net fractionation factor due to additional kinetic
effect [1].

of different air masses. Other factors influencing the
isotopic composition of precipitation include the types
of precipitation (rainfall, snow, and fog) and precipitation
systems (frontal, orographic, and convective system).

2.2.2 Apparent Effects
Dansgaard [5] examined meteoric water isotope data
from around the world and summarized four apparent
effects on the temporal and spatial variations of iso-
topic composition in precipitation (Figure 1b). All these
relationships are derived empirically.

2.2.2.1 Latitude effect
Most atmospheric vapor originates from equatorial
or subtropical oceans and is carried to high-latitude
regions by meridional transports, during which the
condensation temperature decreases and the degree
of rainout increases. Consequently, isotope 𝛿 values of
precipitation decrease with increasing latitude, with a
spatial slope around −0.6‰ per degree latitude for 𝛿18O
[6].

2.2.2.2 Altitude effect
Similar to the latitude effect, adiabatic cooling of air
masses during uplift over high-elevation mountains
causes strong orographic rainfall, continuous rainout of
heavy isotopes, and enhanced fractionation. Therefore,
the isotopic composition of precipitation is dependent
on altitude, decreasing at an average isotopic lapse
rate −2.8‰ per kilometer for 𝛿18O [7]. However, this
effect is mostly pronounced on the windward side of
mountains.

2.2.2.3 Continental effect
Isotope 𝛿 values of precipitation are lower in inland
regions than the coastal regions. This phenomenon
could also be explained by continuous rainout of heavy
isotopes along upstream air masses trajectories and
consequently lowered isotope 𝛿 values in inland regions.

2.2.2.4 Amount effect
In tropical regions, monthly precipitation isotope 𝛿 val-
ues are negatively correlated with precipitation amount
(Figure 3a) but weakly correlated with air temperature.
In addition, this effect is also observed for individual
rainstorm events. The precipitation amount effect has
been attributed to several factors, including the pro-
ceeding rainout of convective clouds, the extent of
isotopic exchange, and re-evaporation in descending
raindrops [1].

The first three effects mentioned above are all related
to air temperature (temperature effect) that can be
explained by the Rayleigh model. Figure 3b shows the
correlation between amount-weighted precipitation
𝛿18O values and mean annual air temperature from sites
around the world; the linear correlation is stronger at
mid- and high-latitude regions.

2.2.3 Meteoric Water Line
Craig [8] found the co-variance of 𝛿18O and 𝛿2H values
of meteoric water from around the world, which can be
described as:

𝛿2H = 8 × 𝛿18O + 10

which is termed the Global Meteoric Water Line
(GMWL). Here, the slope value of 8 is close to the ratio
of the equilibrium fractionation factors for two water
isotopes. The intercept value of 10 is called the deu-
terium excess (d-excess). Notably, the GMWL does
not intersect with the isotopic composition of “mean”
ocean water (𝛿18O= 𝛿2H= 0 by definition) (Figure 4a), a
phenomenon caused by differential kinetic fractionation
for two isotopes during the initial evaporation of ocean
water.

On the other hand, GNIP program setup moni-
toring of long-term temporal variations of isotopic
composition in precipitation at many locations in the
world. For a single site or several sites in a region,
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Figure 3 Scatter plots show (a) the amount effect in precipitation from GNIP station in Panama (at 9∘ N, 1968–1997) for monthly
averages (large open grey dots) and all individual months (small filled black dots) of 𝛿18O values; and (b) the temperature effect in
annual weighted mean precipitation 𝛿18O over period of at least one decade from global GNIP stations (after [6]). The linear relation
(slope= 0.52) shown in black line in (b) is based on the data from North Atlantic and European GNIP stations, while the addition of
low-latitude station data, influenced by amount effect, tends to make the relation more fitted by second-order polynomial function
shown in grey dashed line.
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Figure 4 𝛿18O–𝛿2H plots show the relationships among GMWL, LMWL, and LEL. (a) Schematic diagram of isotopic variations in
hydrosphere illustrates how hydroclimatic processes affect isotopic composition of water (after [9]). (b) Stable isotopic composition in
precipitation, surface water, and groundwater samples collected from Río Gallegos, Argentina, and its surrounding regions (after [10]).
The LMWL for this region is regressed as 𝛿2H= 7.92× 𝛿18O+ 1.22, divergent from the GMWL. The lake water collected is isotopically
evaporated relative to precipitation, with the LEL regressed as 𝛿2H= 6.19× 𝛿18O− 22. The intercept of LMWL and LEL implies the average
isotopic composition of meteoric source water that recharges groundwater and lakes.

𝛿18O and 𝛿2H data also show seasonal variations con-
trolled primarily by temperature seasonality in mid- and
high-latitude regions. However, the meteoric water line
from the local data would deviate somewhat from the
worldwide average GMWL with a different slope and
y-intercept and is sometimes called the Local Meteoric
Water Line (LMWL) (Figure 4a,b). The characteristics
of LMWLs provide additional information about the
regional hydrological cycle. For example, relatively low
slope (5.6) of LMWL is found in Arizona due to partial

evaporation of the falling droplets in dry climate [1].
Also, in North America, the LMWL determined by
Dansgaard [5] is:

δ2H = 7.95 × δ18O + 6.03

where the low d-excess relative to GMWL reflects contri-
bution of colder and more humid vapor source from the
North Pacific Ocean (Figure 4a). The d-excess parameter
of precipitation is found to be an indicator of moisture
source regions and conditions [11, 12].
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2.3 Surface Water

Meteoric water that is intercepted by tree canopies
or reaches the ground will undergo evaporation that
enriches 18O and 2H in the residual water, similar to
evaporation of ocean water. Consequently, their iso-
tope 𝛿 values are higher than that of meteoric source
water. On the bi-isotope plot, water isotope data from
evaporated waters are plotted below the meteoric water
line [8]. For a particular region, these data could be also
linearly regressed as the local evaporation line (LEL)
(Figure 4a,b). The slope of LEL is less than 8 and is
mostly determined by relative humidity of that region,
with lower slopes found from more arid regions. It
reflects the combination of equilibrium and kinetic frac-
tionations that modify the isotopic composition of water
during evaporation [13]. The intercept of LMWL and
LEL shows the mean isotopic composition of meteoric
source water for the region. One major type of evapo-
rated surface water is lake water in closed basins. The
extent of evaporative enrichment or departure relative to
its meteoric source water is dependent on the residence
time or evaporation/precipitation ratio of that lake.
Hence, the effect of evaporative enrichment is significant
in large and closed lakes where evaporation predomi-
nates. Meteoric water also infiltrates into the ground and
become a part of the groundwater in aquifers that are
protected from evaporation and keep similar isotopic
composition to average precipitation (Figure 4b).

3 Applications in Paleohydrology
and Paleoclimatology

The aim of the study of paleohydrology is to reconstruct
past changes in water storage and quality, moisture
sources, and trajectories and understanding their causes
and mechanisms [14]. While the study of paleoclima-
tology is boarder in aims and scopes and often includes
paleohydrology, as past changes in hydrological cycles
are tightly coupled with climatic variations. Earth scien-
tists use a variety of proxy data to obtain hydrology and
climate information preserved in natural archives. Here,
“proxy” is the preserved physical, chemical, or biological
indicators of past environments that can substitute for
direct meteorological measurements. Proxy archives
include marine sediments, ice cores, lake sediments,
cave deposits, tree rings, corals, and others. Several
independent methods for determining the chronology of
these archives have been developed, such as layer count-
ing, radiometric dating, paleomagnetic polarities, and
astronomical tuning. After gaining age information, con-
tinuous analysis of climate proxies from these archives
enables reconstruction of past climate variations from

seasonal to orbital and even longer timescales. For more
information about the Earth’s climate in the past and
the techniques of paleoclimate reconstruction, read-
ers should refer to other general sources (see Further
Reading).

Water isotopes have been used as proxies in various
archives to reconstruct past hydrology and climate
changes. However, it is difficult to directly measure the
isotopic composition of ancient water samples, with an
exception of ice cores. Instead, Earth scientists usually
measure the isotopic composition of certain chemical
substances, such as oxygen isotope in calcite (CaCO3)
and plant cellulose (C6H10O5), or hydrogen isotopes
in lipid biomarkers, e.g. n-alkanes (CnH2n+ 2). Hydro-
gen and oxygen atoms of these substances are derived
from ambient water during their formation period,
thus these substances can be faithful recorders of the
isotopic composition of ancient water. However, isotopic
fractionations should be considered to infer the paleo
water isotopic compositions (Figure 5). As reviewed in
Section 2, there are a variety of processes governing
water isotopic distributions and variations in hydrolog-
ical cycles. Therefore, specific interpretations on water
isotope proxies in terms of hydrological and climatic
indicators in the Earth’s past depend on the nature
of archives, geographical locations, and timescales.
Notably, a necessary assumption is that present isotope
proxy-climate relationship is robustly maintained over
time, which is supported by climate model simulation
results [15]. However, this might not be always a safe
premise in isotope-based paleoclimate reconstruction.
Hence, multi-proxy approaches that utilize other geo-
logical, geochemical, and biological evidence are often
applied to constrain the paleoclimate interpretations.
In this section, we discuss the applications of stable
water isotopes in different archives that address dif-
ferent scientific problems and research questions in
paleohydrology and paleoclimatology to highlight both
the power and complexity of water isotope proxies.
Furthermore, because of the co-variation of two isotopes
during isotopic fractionation in hydrological cycles,
most studies only use single isotope (𝛿18O or 𝛿2H) for
paleoclimate reconstruction.

3.1 Deep-Sea Sediments

Oxygen isotope analyses on carbonate shells of fossil
foraminifera from deep-sea sediment cores generate
continuous records of past global climate variations
that have revolutionized climate change science. In
many studies, both surface-dwelling (planktonic) and
bottom-dwelling (benthic) foraminifera are analyzed,
although benthic isotope data are used in most published
studies. Through decades of research on numerous cores,
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Figure 5 Flowchart shows how the environmental factors control the isotopic values and how paleoclimate information is derived from
isotope data, using lake-sediment carbonate as an example. Filled arrows show various processes contributing to δ18Ocarbonate, where as
the hollow arrow shows the direction of inference.

Earth scientists obtain benthic oxygen isotope time series
from different ocean basins that show synchronous
changes over time. This suggests global oceanographic
changes linked to polar ice-sheet dynamics providing
clues for understanding climate change mechanisms at
tectonic and orbital timescales.

The overall reaction of foraminifera calcite precipita-
tion is:

Ca2+ + 2HCO−
3 ⇌ CaCO3 + CO2 + H2O

There are two factors controlling foraminifera calcite
𝛿18O values in deep-sea sediments. First, ocean water
𝛿18O is the major control on foraminifera 𝛿18O, thus
foraminifera 𝛿18O variations mainly reflect changes in
ocean water 𝛿18O values. Second, equilibrium and kinetic
fractionations occur during growth of foraminifera
shells that incorporate oxygen atoms from ocean water.
Specifically, temperature-dependent equilibrium frac-
tionation factors between marine carbonate species
(CaCO3,H2CO3,HCO−

3 ,CO2−
3 ) and ocean water have

been independently determined as [16]:

1000 × ln αcalcite−water = 18.03 × 1000
T

− 32.42

Under this expression, calcite 𝛿18O changes with tem-
perature at about −0.25‰ per ∘C. On the other hand,
kinetic fractionation, known as the “vital effect,” is caused

by shell growth-rate changes through the life cycle. This
effect is minimal for benthic foraminifera in which oxy-
gen isotope equilibrium is maintained.

Lisiecki and Raymo [17] compiled 57 globally dis-
tributed deep-sea records to provide a stacked record
of oxygen isotopic variations in benthic foraminifera
(“LR04”) since 5.3 million years ago (Ma). This time
series shows a sequence of wave-like isotopic vari-
ations that indicate past glacial–interglacial cycles
(Figure 6a–c). During glacial periods, foraminifera 𝛿18O
changes to high values because (a) meteoric water/snow
with low 𝛿18O values are stored in expanding polar ice
sheets and make ocean water isotopically “heavier,” and
(b) the fractionation factor between calcite and water
increases in cold water. In contrast, during interglacial
periods, foraminifera 𝛿18O switch to low values because
(a) 18O-depleted freshwater from melting ice sheets
makes ocean water isotopically “lighter,” and (b) the
fractionation factor between calcite and water decreases
when climate warms. Both factors have isotopic effects
in the same direction. However, it is a consensus among
researchers in this field that the control of ice-sheet
size and ocean water 𝛿18O is dominant over the role of
temperature on fractionation factors, while the latter is
only important during ice-free greenhouse periods [22].
Therefore, we usually denote the high 𝛿18O values as cold
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Figure 6 Tectonic- and
orbital-scale climate changes
reconstructed from foraminifera
𝛿18O in deep-sea sediments since
5 Ma [17] shown in (a), and close-up
since 2 Ma (b) and since 240 ka (c).
Also shown in (b) and (c) are the
Marine Isotope Stage (MIS)
numbers and the atmospheric CO2
concentration record from
Antarctic ice cores [18]. In (c), MIS5
is divided into five substages,
including the last interglacial 5e,
and “H” means the Holocene
Epoch. (d) The composite cave 𝛿18O
record of EASM variations [19, 20]
and 65∘ N summer insolation [21]
shows that EASM is forced by
precession cycle. Note that all
y-scales of 𝛿18O are in reverse.

glacial periods and the low 𝛿18O values as warm inter-
glacial periods. The alternating glacial and interglacial
periods are marked by even numbers and odd numbers
of the Marine Isotope Stages (MIS), respectively.

The LR04 curve shows long-term increase in ben-
thic foraminifera 𝛿18O values responding to long-term
Cenozoic (since 65 Ma) cooling trend from greenhouse
to icehouse climates [22]. Furthermore, the amplitude
of benthic 𝛿18O variability increases considerably at
around 2.7 Ma (the start of the Quaternary Period or
Pleistocene Epoch) (Figure 6a); this transition marked
the onset of major Northern Hemisphere glaciation
and subsequent periodically waning and waxing of
ice sheets [23]. The second amplification of benthic
𝛿18O variability occurred at the mid-Pleistocene around
0.9 Ma. This transition is not only reflected in the ampli-
tude of variability, but also in the shift of dominant

periodicity and the shape of glacial–interglacial cycles
(Figure 6b). Before 0.9 Ma, benthic 𝛿18O variability
across glacial–interglacial cycles is symmetrical and
centered on a periodicity of 41-thousand-year (kyr).
After 0.9 Ma, however, 𝛿18O variability is character-
ized by saw-toothed shape with abrupt transitions
into interglacials but slow-paced transition into glacial
maxima, as well as a dominant periodicity of 100-kyr.
Earth’s climate today is on the start of slowly natural
cooling trend from interglacial maximum (Figure 6c),
but it tends to be reversed due to anthropogenic global
warming since the industrial era. Overall, taking LR04
as an example, deep-sea benthic foraminifera 𝛿18O
records document the dynamics of oceanographic
and ice-sheet changes in the past that are forced
by cyclic variations in the Earth’s orbital parame-
ters [24].
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3.2 Ice Cores

Glacier ices are formed through compression of accu-
mulated snows under their own weight over time.
Continental ice sheet drilling projects on the Greenland
and Antarctica retrieved kilometer-long ice cores, while
their ages could be directly determined by counting
the annual layers or indirectly using ice flow models.
Physical and chemical property analyses on ice core
samples yield continuous proxy records characterizing
past climate and atmospheric history over hundreds
of thousand years. For example, ancient air bubbles
trapped in the deep ices directly inform us past atmo-
spheric greenhouse gas concentrations [18, 25]. In this
subsection, we focus on the use of water isotopes in
ice cores as local air temperature proxy that document
continental climate changes of two hemispheres during
the late Pleistocene, particularly the millennial-scale
rapid climate oscillations that are often not fully resolved
in deep-sea sediments.

Ice cores store ancient precipitation. Therefore, their
𝛿18O and 𝛿2H variations directly reflect changes of iso-
topic composition in snowfall over time. Also, this allows

the application of d-excess as a moisture source tracer in
ice-core studies [26, 27]. In polar regions, air temperature
exerts the dominant control on the isotopic composition
of meteoric water (Figure 3b). For example, isotope 𝛿

values of snowfall in warmer ice sheet margin are higher
than that in colder and higher-elevation ice sheet dome.
In addition, isotope 𝛿 values of summer snowfall are
higher than that of winter snowfall. However, the slope
of the temperature-water isotope relations tends to be
inconsistent between spatial and temporal scales [28].
Nevertheless, isotopic composition of ice cores is the
direct proxy for local air temperature.

A few deep Greenland ice cores have been drilled by
international communities that retrieve climate records
covering full last glacial period until 105 thousand
years ago (ka). An ice core drilled for the North Green-
land Ice Core Project (NGRIP) is dated to the last
interglacial until 123 ka [29]. One of the key features of
the Greenland 𝛿18O record is the millennial-scale fluc-
tuations at a magnitude of 4‰ that occurred 25 times
during the last glacial period (Figure 7c). These rapid
climate changes are termed as the Dansgaard–Oeschger

Figure 7 Millennial-scale climate changes
and the bipolar seesaw pattern during the
last 60 kyr. (a) 231Pa/230Th record from a
deep-sea core in the western subtropical
Atlantic Ocean as a proxy for AMOC
strength [30], showing weaker AMOC
during H1 and YD; (b) the composite cave
𝛿18O record from China as a proxy for EASM
strength [19, 20], with the numbers marking
Chinese interstadials (A1–A16); (c) the
NGRIP ice-core 𝛿18O record as a proxy for
Greenland air temperature [29], with the
numbers marking DO and H events; (d) the
European Project for Ice Coring in Antarctica
(EPICA) Dronning Maud Land (EDML)
ice-core 𝛿18O record as a proxy for Antarctic
air temperature for the Atlantic sector, with
the numbers marking AIM [31]; (e) the same
with (d) but is ice-core 𝛿2H record from
EPICA-Dome C (EDC) located in the
Indo-Pacific sector of Antarctica [32];
(f ) atmospheric CO2 concentration record
from Antarctic ice-core [25, 33]. The period
of LGM, BA, YD, and ACR are denoted. The
grey bars indicate the intervals of
millennial-scale Greenland cooling and
EASM strength reductions concurrent with
Antarctic warming, a phenomenon known
as the bipolar seesaw, despite there are few
misfits due to uncertainties in ages. Note
that the y-scales in (a) and (b) are in reverse.
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(DO) oscillations, with interstadial warm events (DO
events) numbered. In contrast, the present interglacial
(the Holocene Epoch) is markedly stable. Furthermore,
the transition from the Last Glacial Maximum (LGM,
∼21 ka) to the Holocene, referred as the last deglaciation
or ice age termination, is also associated with several
millennial-scale climate oscillations, including the Hein-
rich event 1 (H1), the Bølling–Allerød (BA) warming,
and the Younger Dryas (YD) cooling (Figure 7c). Par-
ticularly, the Heinrich events indicate layers of lithic
fragments in deep-sea sediments of the North Atlantic
that were discharged from melting icebergs during the
deglacial warming. These climate oscillations during
the last deglaciation are representative for other rapid
climate events recorded in Greenland ice cores and
hence have been extensively investigated.

These millennial-scale climate oscillations are also
observed in Antarctic ice cores (Figure 7d,e) [32]. By
tuning the chronology between Greenland and Antarctic
ice core records using methane synchronization, we
can directly compare the timing and duration of these
rapid climate changes at two polar regions to investigate
global climate teleconnections. At the onset of the last
deglaciation, climate warming was rapid in Antarctica
and paralleled with CO2 increase (Figure 7f ), to a peak
value at 14.7 ka, termed as the Antarctic Isotope Maxima
1 (AIM1), whereas climate warming in Greenland was
relatively slow and punctuated by H1 cold condition
at 16.8–14.7 ka. Subsequently, Antarctica experienced
the Antarctic Cold Reversal (ACR) at 14.7–12.7 ka, a
cold period when Greenland experienced BA warming
(DO1). The end of ACR at 12.7 ka was followed by
Antarctic warming continuing to the warmest period
during the early Holocene, while over Greenland there
was the YD cooling at 12.9–11.7 ka. Overall, Antarctic
cooling/warming is associated with Greenland warm-
ing/cooling. This phenomenon is known as the bipolar
seesaw caused by heat transport through the Atlantic
Meridional Overturning Circulation (AMOC) between
two hemispheres. During the last deglaciation, fresh-
water injection during iceberg discharge decreased
the surface ocean salinity and created a colder and
fresher water lid over the North Atlantic that reduced
deep-water formation and shut down or slowed down
the AMOC, such as during H1 and YD (Figure 7a). The
failure of AMOC suppressed heat transport through sur-
face flow from the South Atlantic to North Atlantic and
resulted in the Greenland cooling. The heat remained in
the southern hemisphere resulted in the Antarctic warm-
ing. In contrast, the recovery of AMOC led to reverse
processes that warmed Greenland but cooled Antarctica.
The mechanism of bipolar seesaw is thought to hold con-
sistently for other series of rapid climate change events
in Antarctica and Greenland. For example, the amplitude

of the AIMs is found to be linearly dependent on the
duration of the Greenland cooling since the MIS3 [31].
Overall, ice core studies from two poles provide insights
into the processes of millennial-scale climate changes
and ocean–atmosphere teleconnection mechanisms.

3.3 Lake Sediments

Lake water and other surface water consist of less than
0.01% in global water budget, but they are important
freshwater resources for human lives and agricultural,
domestic, and industrial uses. Therefore, documenting
past land water resource availability is critical for under-
standing the patterns of floods and droughts and their
relationships with climate dynamics. Lake basins are
ubiquitous continental archives around the globe and
have been targeted of paleohydrology and paleoclimate
studies for decades. There are many methods to recon-
struct past variations in lake-level, water temperature,
and chemistry using radiocarbon-dated lake-sediment
cores, whereas geomorphological remains and seis-
mic surveys provide additional evidence. Unlike the
deep-sea and ice core records that integrate large-scale
oceanic and atmospheric changes, lacustrine records
tend to reflect more regional-scale climate variability
and dynamics.

Lake basins directly receive rainfall and snowfall, thus
isotopic composition of lake water reflects that of mean
annual precipitation in small-to-medium and hydro-
logically open lakes. For large or hydrologically closed
lakes, lake water has long residence times of decades or
centuries. Consequently, isotopic composition of lake
water is modified by evaporative enrichment in heavy
isotopes and their isotope 𝛿 values are higher than the
mean annual precipitation isotope 𝛿 values. As a result,
the size and hydrology of lake matter in the paleoclimatic
interpretation from lacustrine isotope records [34].

Lacustrine sediments are typically composed of
carbonates, organic matter, and silicates. Among them,
biogenic or authigenic carbonates are commonly used for
oxygen isotope analysis. Like the deep-sea foraminifera,
factors controlling lacustrine carbonate 𝛿18O include the
lake water 𝛿18O and the fractionation factor (Figure 5).
Equilibrium fractionation between precipitated car-
bonate and lake water is also dependent on lake water
temperature. The effect of kinetic fractionation is min-
imal for authigenic carbonates or could be minimized
by modern calibration studies that quantify these sys-
tematic offsets for other biogenic carbonates [34]. For
lake-sediment cores that do not contain lacustrine car-
bonates, compound-specific hydrogen isotope analysis
on lipid compounds sourced from aquatic and terres-
trial plants have been used to derive isotope records
comparable to carbonate oxygen isotope analysis [35].
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The mechanism of hydrogen isotope fractionation
processes for plant lipids were investigated, and their
fractionation factors have been quantified in several
studies [36]. Silica shells of diatom algae (SiO2⋅nH2O)
[37] and cellulose of aquatic moss macrofossils [38]
are also among the targets for isotope analysis if lake
carbonates are absent.

To quantitatively interpret lacustrine isotope records
for climate change, it is necessary to diagnose these
two factors (lake water 𝛿18O and the fractionation fac-
tor) controlling down-core isotopic variations. Notably,
in mid- and high-latitude regions, the temperature
effects on precipitation 𝛿18O and on fractionation fac-
tor result in changes in lacustrine carbonate 𝛿18O in
opposite directions. However, the positive effect of
meteoric water 𝛿18O (around +0.6‰ per ∘C) [39] is
more important than the negative effect of fractionation
factor (−0.25‰ per ∘C). Considering both effects, a
net carbonate 𝛿18O-temperature gradient of +0.35‰
per ∘C is a robust approximation to estimate paleotem-
perature changes in mid- and high-latitude regions.
A lake ostracod carbonate 𝛿18O record from southern
Germany shows synchronous air temperature changes
with Greenland ice core record from 15.5 to 5.0 ka [40],
suggesting climate teleconnection within the North
Atlantic. In tropical regions, the “amount effect” of
isotopic composition in precipitation is used in most
studies. More negative isotope 𝛿 values reflect more
precipitation amount and vice versa. In addition, higher
precipitation amount and wetter climate reduce evap-
orative enrichment in heavy isotopes and further lower
lake water isotope 𝛿 values. For example, biomarker
𝛿2H record from Lake Tanganyika in tropical south-
east Africa document abrupt onset and termination of
early Holocene humid period [41]. Overall, in tropical
regions, lacustrine isotope records primarily provide
insights into paleohydrological changes. Despite this, we

highlight that many other factors could have influence
on lacustrine isotope data and simple proxy interpre-
tation for single meteorological factor is not always
justified (Figure 5). Particularly, differences in moisture
sources and trajectories, as well as atmospheric circula-
tion patterns, are important in past climate states. On
the other hand, lacustrine isotope data from large and
hydrologically closed lakes primarily document changes
in precipitation/evaporation balance [34]. Therefore,
multi-proxy methods are often applied in paleohydrol-
ogy and paleoclimate reconstructions from lacustrine
sediments. For example, multi-proxy reconstruction
from Lake Bosumtwi, Ghana, document long-term
multi-decadal Sahel drought patterns (Figure 8) [42].
Furthermore, recent methodological innovations were
made toward more quantitative interpretations on
lacustrine water isotope records. One new method is to
combine carbonate 𝛿18O records from open and closed
lakes in the same region to deconvolve the signal of
precipitation/evaporation balance from the changes in
precipitation 𝛿18O, which could provide more robust
estimations on past moisture availability [43]. Another
new method is to combine carbonate 𝛿18O data and
biomarker 𝛿2H data to reconstruct the changes in the
extent of evaporative enrichment of lake water and
precipitation 𝛿 values [44].

3.4 Speleothems

Speleothems are carbonate mineral deposits formed
from dripping water in underground karst caves. The
drip-water in caves, originally sourced from above-cave
meteoric water, has high concentrations of calcium
and bicarbonate as they react with CO2 and dissolve
calcium carbonate bedrock during infiltration through
soils and carbonate bedrock. The low CO2 concentration
environment in caves drives precipitation of calcite

Figure 8 Paleohydrological evolution of Lake
Bosumtwi revealed by multi-proxy data, including
carbonate 𝛿18O (raw data in thin grey lines and 5-year
average in thick black lines), silicon (Si) intensity
generated by X-ray fluorescence (XRF) that indicates
terrigenous material inputs (in reverse scale), and
lake-level estimates based on lake terraces and
seismic profile. (Source: Redrawn from [42]). The grey
bars indicate the periods of multi-proxy lowstands
and droughts during the last millennium. Here higher
carbonate 𝛿18O values suggest more evaporative
condition in period of drier climate.
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carbonate from drip-water. Thus, speleothems are like
other terrestrial archives for documenting past conti-
nental climate during which they grew. Of advantage
for speleothem archives for developing paleoclimate
records is they can be precisely dated by Uranium-series
methods. In addition, some speleothems contain visible
annual growth bands, thus precise ages could be deter-
mined by layer counting and records could be resolved
in seasonal or annual resolutions. However, because
deposition of speleothems relies on sufficient drip-water
supply and sometimes speleothems contain growth
hiatus (a pause of speleothem deposition often due to
dry condition), usually a set number of speleothem
columns are needed to provide continuous records from
a region.

The controlling factor on speleothem calcite 𝛿18O
values is similar to lacustrine carbonate, but some
additional cave-specific processes influence drip-water
𝛿18O values [45]. First, soil water might experience
evaporative enrichment in 18O before infiltrating down-
ward, especially in arid regions. Second, the timing and
amount of soil water recharge to fractures and joints
of carbonate bedrocks controls drip-water 𝛿18O values.
For example, drip-water of caves in Nevada show low
𝛿18O values comparable with winter snowfall 𝛿18O val-
ues [46]. In this case, speleothem calcite 𝛿18O records
should be interpreted for winter-season signal. Third,
the transit-times of soil water into caves can be long and
isotopic composition of drip-water might have delayed
responses to climate variability. This effect is important
for high-resolution climate studies.

Interest in speleothem-based paleoclimate recon-
struction has increased rapidly in the recent decades
due to the ability to produce high resolution and reliable
chronologies. Major high-profile studies on speleothem
𝛿18O records from southeastern Asia show that they
document orbital, millennial, and centennial-scale
variability in monsoon intensity and rainfall amount
[19, 20, 47]. Figure 6d shows the composite 𝛿18O cave
record of East Asian Summer Monsoon (EASM) since
the last two interglacials reconstructed from multiple
Chinese speleothems. There are several important find-
ings from these records. First, the EASM fluctuations
broadly follow orbitally induced Northern Hemisphere
summer insolation with a dominant variance of 23-kyr
precession cycle (Figure 6d); higher summer insolation
induces stronger EASM. Second, millennial-scale inten-
sifications in EASM punctuate orbital-scale variability,
and they are synchronous with DO warming events
recorded in Greenland ice cores during the last glacial
(Figure 7b,c) [48]. Third, centennial-scale reductions in
EASM are linked with North Atlantic Bond cold events
and low solar activity [47]. These series of in-phase cor-
relations on various timescales suggest hemisphere-wide

climate teleconnections between high- and low-latitude
regions during past climate changes. On the other hand,
monsoon rainfall from EASM is critically important
for this populated region, whereas droughts and floods
associated with EASM variability are major natural
hazards that influence agriculture and human societies.
Overall, these speleothem 𝛿18O records contribute to
our understanding on past EASM variability and its
teleconnection mechanisms.

However, there are controversies on the interpretation
of speleothem 𝛿18O as a proxy for monsoon intensity.
One viewpoint is that higher proportion of summer
monsoon rainfall (low 𝛿18O values) relative to annual
total rainfall decreases the 𝛿18O signals in speleothem
records [48]. It implies that lower speleothem 𝛿18O
values reflect higher precipitation amount at cave site
during stronger monsoon periods. Another viewpoint
is that an increase of upstream rainfall from air masses
destined for cave sites decreases the 𝛿18O signals in
speleothem records [49]. It is based on the Rayleigh
fractionation of water vapor originating from oceans
and implies that lower speleothem 𝛿18O values reflect
lower precipitation 𝛿18O values, rather than precipita-
tion amount. Recent advances in the analytic techniques
of speleothem calcite isotope provide new insights into
these controversies. For example, ion microprobe now
is capable of high-precision and accurate in-situ 𝛿18O
measurements in 10-mm-diameter spots in speleothem
calcite, offering opportunities to reconstruct seasonal
variability of calcite 𝛿18O. One study using this technique
on a Chinese cave suggested that both viewpoints are
supported and they are compatible [50].

3.5 Biological Archives

Some living organisms have annual growth layers that
serve as biological archives of seasonal or interannual
signals of their living environments. Tree rings and corals
are typical examples of this category.

3.5.1 Tree Rings
Annual tree rings are recorders of their growing history
during their lifespan. In addition to tree-ring widths and
densities, stable isotopes of tree-ring cellulose can also
be used as a proxy for environmental conditions. The
processes of tree-ring cellulose synthesis and isotopic
fractionations associated with them are important for
understanding the controlling factors of tree-ring iso-
topes [51]. The moisture source for trees is soil water that
is taken-up by tree roots through xylem and transported
to leaves for photosynthesis. Then photosynthesized sug-
ars are transported down to trunk for cellulose synthesis,
during which there are isotopic exchanges with xylem
(source) water. Therefore, oxygen isotopic composition
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of tree-ring cellulose is primarily determined by the
isotopic composition of precipitation and the extent of
evaporative enrichment in 18O in soils and leaf stom-
ata. Correlation analyses between tree-ring cellulose
isotope values and meteorological parameters during
instrumental period are used to calibrate their empirical
relationships. For example, it was found that tree-ring
cellulose 𝛿18O and total precipitation are negatively cor-
related during twentieth century in northern Pakistan,
thus tree-ring isotope data are used to reconstruct past
rainfall variability prior to instrumental period in this
region [52]. Furthermore, because tree-ring records are
resolved in seasonal and interannual scales, they are
useful for studying high-frequency climate variability.
Another study showed that low 𝛿18O spikes in tree-ring
cellulose records from the southeastern United States
are indicators of past tropical cyclone activity over the
last 220 years [53].

3.5.2 Corals
Corals typically live as colonies in warm and produc-
tive shallow tropical oceans and form brightly colored
mounds. Their growth is very sensitive to surface ocean
water temperature, clarity, and nutrient availability.
Coral skeleton aragonite (CaCO3 with different crystal
structure from calcite) shells add annual bands during
growth. High-resolution isotope analysis on these layers,
along with Uranium-series chronology, build time series
of tropical sea surface temperature (SST) and salin-
ity, both of which are related to the El Niño-Southern
Oscillation (ENSO). The ENSO is an interannual cli-
mate variability related to tropical ocean–atmosphere
dynamics that influences global climate through tele-
connections. During warm phase known as El Niño,
tropical eastern Pacific Ocean is warmer than normal;
during cold phase as known as La Niña, tropical eastern
Pacific Ocean is colder than normal. A study showed that
𝛿18O variations of living coral bandings are negatively
correlated with SST anomalies in central tropical oceans
(Figure 9) [54]. Warmer and wetter conditions during El
Niño years result in lower aragonite 𝛿18O by decreasing

the fractionation factor and surface ocean water 𝛿18O
values and vice versa for La Niña years. Taking this
relationship to the analyses of fossil corals, it is effective
to detect the past changes in ENSO variances. Analyses
on fossil corals spanning the past 7000 years showed that
the ENSO is very dynamic and there is no apparent link
between ENSO variance and climate mean states [54,
55]. These studies provide insights into future ENSO
regime under anthropogenic warming.

3.6 Other Climate Archives

Many other natural archives have been developed for
stable isotope analysis that enables paleohydrology and
paleoclimate reconstructions. Peat deposits in wetlands
accumulate partially decayed vegetation materials in
anoxic conditions that are suitable for organic matter
isotope analysis. For example, a 14.5-kyr organic matter
𝛿18O record from Alaskan peat documents variations
in temperature and atmospheric circulation patterns
[56]. Other peat studies use extracted cellulose 𝛿18O or
lipid biomarkers 𝛿2H for paleoclimate interpretations
[57, 58].

Furthermore, soil carbonates formed under a net water
deficit and preserved in paleosols can serve us another
archive of continental climate history [59, 60], particu-
larly for pre-Quaternary paleoclimate reconstructions.
The oxygen isotopic composition of paleosol carbonates
is controlled by the isotopic composition of ancient
meteoric water and the temperature of formation.
Large-magnitude shifts in paleosol carbonate 𝛿18O rel-
ative to today reflect changes in elevations, topography,
atmospheric circulation patterns, and air temperature.
Therefore, stable isotopes of paleosol carbonates are
important tool to unravel landscape evolution at tec-
tonic scales [61]. Although uncertainties are associated
with multiple controlling factors on carbonate 𝛿18O and
diagenesis processes are inevitable for these old-aged
carbonates minerals, recent advances in analytical tech-
niques offer more constraints on the isotope studies of
paleosol carbonates [61, 62].

Figure 9 Palmyra modern coral record of 𝛿18O anomalies
(grey line, bandpass filtered in 2–7 years and in reverse
scale) from central tropical Pacific Ocean plotted with
Niño3.4 sea surface temperature (SST, black line) anomalies
during the twentieth century. (Source: Redrawn from [54]).
This shows coral 𝛿18O is a sensitive recorder of SST variations
related to the ENSO.

1900 1920 1940 1960 1980 2000
–2

–1

0

1

2

La Niña

EI Niño

S
S

T
 a

n
o
m

a
ly

 (
°C

)

Year AD

0.3

0.2

0.1

0.0

–0.1

–0.2

–0.3

δ1
8
O

 a
n
o
m

a
ly

 (
‰

) 



14 Human Dimensions

4 Multi-Proxy Approach to Constrain
Isotope-Based Paleo Interpretations

Multiple environmental parameters influence the iso-
topic composition of lake carbonate as shown in Figure 5.
The general flowchart is also applicable to other terres-
trial archives, such as speleothem and paleosols. In
order to interpret isotopic variations as reflecting certain
aspects of the hydrological cycle or climatic changes,
it is necessary to understand the dominant factor(s)
controlling the water isotopic variations in the context
of paleoclimate reconstruction. It does not mean only
one or two factors influence the isotopic composition
of carbonate, but the major drivers of changes that
predominate over other factors. One way to determine
the controlling factors on isotopic variations is to inves-
tigate the modern processes of isotopic response to
spatial climate gradients or temporal climate variability.
However, the proxy-climate relationships inferred from
modern process studies might be nonstationary and
invalid to account for the isotopic variations over longer
timescales. Another desirable way is to utilize other
physical, chemical, and biological proxy data from the
same sites to constrain the interpretations from isotopic
variations.

In the studies of deep-sea foraminifera, it is widely
accepted that benthic foraminifera shell 𝛿18O primarily
reflects the ice volume rather than deep ocean temper-
ature during Quaternary glacial–interglacial cycles (see
Section 3.1). However, this qualitative interpretation
of isotope data impedes further understanding of the
interplay between ice-sheet growth and global climate
patterns. Studies showed that the signal of ice volume
changes could be isolated from foraminifera 𝛿18O by
combining independent deep-ocean water temperature
proxy data [63], such as the ratio of magnesium to cal-
cium concentration (Mg/Ca) of the benthic foraminifera
that are found to be positively correlated with water
temperature. By removing the influence of deep ocean
temperature on benthic foraminifera 𝛿18O, the residual

𝛿18O reflects changes in ice-volume history (Figure 10).
This shows the usefulness of multi-proxy in deep-sea
sediment studies.

Multi-proxy approaches are particularly successful in
lake-sediment studies that contain integrated informa-
tion from local lake dynamics and regional catchment
history [65]. One example of multi-proxy application is
the study of Crawford Lake in southern Ontario, Canada
(Figure 11) [66, 67]. Carbonate 𝛿18O data show variations
with the amplitude of 3‰ since the last deglaciation,
including high 𝛿18O values during the BA, the early
Holocene, and the late Holocene, and low 𝛿18O values
during the YD and the middle Holocene. The negative
shift in 𝛿18O during the YD is synchronous with Green-
land ice-core and central European lake 𝛿18O records
[40], indicating concurrent millennial-scale climate
cooling in central North America. The climate cooling
during the YD is also supported by Picea (spruce) pollen
zone that represents cold forest ecosystem. High 𝛿18O
values during the early Holocene indicate higher tem-
perature than the YD. Climate amelioration during the
early Holocene is also supported by regional vegetation
dominated by Pinus (pine) and Quercus (oak), character-
izing warm forest ecosystem. However, multiple lines of
evidence from lithological and paleoecological analyses
show that lake level was lower at Crawford Lake during
the middle Holocene, likely caused by a dry climate. A
2.4‰ negative shift in carbonate 𝛿18O during this interval
is seemingly at odds with overall warm and dry climate.
Enhanced evaporation under dry conditions should have
driven a positive shift of carbonate 𝛿18O. Cooling with
a magnitude comparable with the YD is unlikely as the
forest is mostly stable during this interval. Instead, the
negative shift of 𝛿18O might be caused by changes in
atmospheric circulation patterns. Prior to the middle
Holocene, the dominant precipitation source was from
the Gulf of Mexico carried by warm and moist air mass
trajectories (with high 𝛿18O values). Increasing propor-
tion of Pacific-sourced precipitation carried by cold and
dry air mass trajectories (with low 𝛿18O values) is likely

0.25 mm

Temperature

Ice volume

? Salinity-
related effects

Mg/Ca
temperature

δ18O + Mg/Ca temperatureδ18O alone
Figure 10 Cartoon illustrates that by including
independent paleotemperature estimates from
Mg/Ca proxy of deep-sea foraminifera, the mixing
signals of ocean temperature and ice volume
documented by foraminifera 𝛿18O data could be
isolated (Source: Redrawn from [64]). The shell
depicted is benthic foraminifer genus Oridorsalis
[63].
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Figure 11 Schematic summary of
multi-proxy paleoclimate
reconstruction since the last
deglaciation from sediment cores
of Crawford Lake in southern
Ontario, Canada [66, 67]: (a) 65∘ N
summer insolation [21];
(b) lacustrine carbonate 𝛿18O
record; (c) lake-level estimates
based on lithology, sediment
hiatus and macrofossils;
(d) sediment-core lithology;
(e) pollen zones including 1a
(herb/shrub zone), 1b (Picea zone),
2 (Pinus zone), 3a (Tsuga subzone),
3bcd (Fagus subzones) and 4
(Ambrosia zone); (f ) temperature
index and (g) moisture index
based on the pollen assemblages.
The negative shifts in 𝛿18O during
the YD and the middle Holocene
(grey bars) are explained by
climate cooling, and changes in
atmospheric circulation patterns,
respectively. 0 1 2 3 4 5 6 7 8 9 10 11 12 13 14
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to explain the negative shift of 𝛿18O during this interval.
Recent studies in central North America further support
that different moisture sources have distinct isotopic
composition and their proportions varied significantly

over time [68]. Overall, the way to interpret isotopic
variations in terms of certain factor is not consistent
during different intervals, but multi-proxy approach
could constrain the isotope-based interpretations.
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